INTRODUCTION
Of the eighty-three naturally occurring elements that are not radioactive or have half lives long enough to be considered stable (≥10 9 yrs), nearly three-quarters have two or more isotopes. Variations in the isotopic ratios of a number of these elements, including H, C, N, O, and S, provide the foundation for the fi eld of stable isotope geochemistry. Investigations of variations in the isotopic compositions of these traditional elements have provided important constraints on their sources in natural rocks, minerals, and fl uids. These studies have focused on a range of problems including planetary geology, the origin and evolution of life, crust and mantle evolution, climate change, and the genesis of natural resources. Much less attention, however, has been paid to stable isotope variations of other elements that are also geochemically important such as certain metals and halogens. In part this has been due to analytical challenges, although fi rst-order variations for several systems have been constrained using long-standing analytical methods such as gas-and solid-source mass spectrometry. With the advent of analytical instrumentation such as multi-collector, inductively-coupled plasma mass spectrometry (MC-ICP-MS), large portions of the Periodic Table are now accessible to stable isotope studies.
In this volume, the geochemistry of a number of non-traditional stable isotopes is reviewed for those elements which have been studied in some detail: Li, Mg, Cl, Ca, Cr, Fe, Cu, Zn, Se, and Mo. This volume is intended for the non-specialist and specialist alike. The volume touches on the multiple approaches that are required in developing new isotopic systems, including development of a theoretical framework for predicting possible isotopic fractionations, perfecting analytical methods, studies of natural samples, and establishment of a database of experimentally-determined isotope fractionation factors to confi rm those predicted from theory. In addition to the systems discussed in this volume, we expect that more elements will be subject to isotopic studies in the next several years, signifi cantly broadening the fi eld that is known as stable isotope geochemistry.
Chapter 1 is intended to provide an overview of basic concepts of stable isotope geochemistry that are applicable to the chapters that follow on specifi c topics and isotopic systems. There are a number of excellent reviews of stable isotope geochemistry that have tended to focus on H, C, O, and S, including two prior volumes of Reviews in Mineralogy and Geochemistry (Valley et al. 1986; Valley and Cole 2001) , and a few texts (e.g., Criss 1999; Hoefs 2004 ). The concepts discussed in these works are entirely applicable to the isotopic systems discussed in the present volume. Because our discussion here is restricted to essential concepts, we refer the reader who is interested in more depth to the works above.
ISOTOPIC ABUNDANCES AND NOMENCLATURE
There are many sources for information on the distribution of the elements and isotopes (e.g., Lide 2003) , as well as discussions that are pertinent to stable isotope geochemistry (e.g., Criss 1999) . In Chapter 2 Birck (2004) reviews in detail the isotopic distribution and nucleosynthetic origin of many elements that are of geochemical interest. He highlights the fact that isotopic variations for many elements are greatest for extraterrestrial samples, where evidence for a variety of fractionation mechanisms and processes are recorded, including mass-dependent and mass-independent fractionation, radioactive decay, and incomplete mixing of presolar material. Below we briefl y review a few general aspects of isotope distribution that are pertinent to isotopic studies that bear on nomenclature, expected ranges in isotopic fractionation, and analytical methodologies.
The number of stable isotopes for the naturally occurring elements tends to increase with increasing atomic number, to a maximum of 10 for Sn (Fig. 1 ). Elements with low atomic numbers tend to have the lowest number of stable isotopes, limiting the possible ways in which isotopic compositions can be reported. Both H and C have only two stable isotopes ( Fig. 1) , and therefore isotopic compositions are reported using one ratio, D/H and The choice of isotopic ratios for reporting data increases, of course, for elements with three or more isotopes. Although O isotope compositions are almost exclusively reported in terms O variations are reported, and are valuable in distinguishing mass-dependent and mass-independent isotopic variations (see Chapter 2; Birck 2004) . The majority of S isotope data are reported using the ratio of the two most abundant isotopes, 34 S/ 32 S, although studies of mass-independent isotope variations report data for three or all four stable isotopes of S (e.g., Farquhar et al. 2000) . Magnesium, Ca, Cr, Fe, Zn, Se, and Mo all have three or more stable isotopes (Fig. 1) , and therefore the isotopic compositions for these elements may be reported using a number of ratios. In some cases, isotopic abundances limit the isotopic ratios that can be measured with reasonable precision. For many elements, however, isotopic abundances are relatively high for a number of isotopes and, in these cases, data are reported using a number of ratios.
The vast majority of isotopic data are reported in "delta notation", where the isotopic composition is cast as the deviation of an isotopic ratio relative to the same ratio in a standard (e.g., O'Neil 1986a):
where i and j are the specifi c isotopes used in ratio R of element E, X is the sample of interest, and STD is a standard reference material or reservoir. It is traditional to use isotope i in the δ value, and it is important to note the specifi c ratio R i/j that is used. The units for the δ i E X value are in parts per thousand or "per mil", which is commonly noted using the per mil sign (‰). In the case of the δ S, respectively. The conventional defi nitions of R i/j for H, C, N, and S correspond to heavy over light masses, leading to a consistent nomenclature where a positive δ i E X value refers to a sample that is relatively enriched in the heavy isotope (a high R i/j ratio relative to the standard). Although some groups have reported isotopic compositions in parts per 10,000 using the ε unit (e.g., Rehkämper and Halliday 1999; Zhu et al. 2000) , this nomenclature is not very common and should probably be discontinued to avoid confusion.
The standard reference used for reporting isotopic compositions of H and O is Standard Mean Ocean Water (SMOW), although the fossil marine carbonate PDB standard is also used for oxygen (O'Neil 1986a) . For the new isotopic systems discussed in this volume, the choice of standard reference material or reservoirs has not been settled in many cases (Table  1) , requiring careful attention when comparing δ i E values. Some groups have chosen a major geologic reservoir such as ocean water or bulk earth, following the convention used for some light stable isotope systems, as well as several radiogenic isotope systems such as Nd, Hf, and Os. Reporting δ i E values relative to a major geologic reservoir may be advantageous in interpretations, where relative enrichment or depletion in heavy isotopes are referenced to a geologic component. The disadvantage of using major geologic reservoirs as a reference is that they are not distinct substances that can be measured in the laboratory. In other cases, an international or other widely-available purifi ed standard is used. For some isotopic systems, data are reported relative to in-house standards (Table 1) , which may not allow easy crosscalibration with other laboratories. Data should be reported for several internationallyavailable standards whenever possible so that δ values may be compared using equivalent reference materials or reservoirs.
The motivation for defi ning the δ i E X value as rare isotope over major isotope lies in the fact that the mathematical forms of mixing relations and other physical processes are greatly simplifi ed in cases where the rare isotope i is very low in abundance, which leads to the simplifi cation that the abundance isotope j may be treated as invariant, particularly when the 
where M A and M B are the masses of components A and B, respectively, C A and C B are the concentrations of the element in components A and B, respectively, and R * is defi ned as the ratio of the mass of the rare isotope over the total mass of the element (Eqn. 1.14, p. 22-23, Criss 1999 O ratio, allowing us to relate the exact mixing equation directly to the measured isotopic compositions. We may further simplify Equation (2) using δ notation as:
where f is the fraction of component A in the two-component mixture.
Although the simplicity of Equation (3) Fe ratios by 50‰, use of the approximate Equation (3) produces an error of 0.61‰ at 50:50 mixing (assuming equal iron abundances) relative to use of the exact mixing Equation (2). If mixing relations are calculated using 57 Fe/ 54 Fe ratios, as is reported by a number of workers, isotope i is even closer in abundance to isotope j, and the error introduced using Equation (3) in the above example becomes larger, at 0.90‰. Fortunately, we will see that except for Li, isotopic variations in nature for the elements discussed in this volume are generally less than 10‰, and in most cases Equation (3) may be used without signifi cant loss in accuracy. This may not be the case, however, for experiments that involve enriched isotope tracers.
It is not always possible to follow the convention of rare isotope over major isotope in the defi nition of δ i E X and maintain the convention heavy over light for elements across the Periodic Table. If we restrict R to be the ratio of the major isotope to the next-most-abundant isotope, it will be heavy over light for only half of the elements under consideration (Fig.  2) . The combined defi nition of rare over major and heavy over light is satisfi ed for Mg, Cl, Ca, Cr, Cu, and Zn, but is not satisfi ed for Li, Fe, Se, and Mo (Fig. 2 ). If the rare over major defi nition of R is maintained, as has been the norm for over fi ve decades of work in the traditional stable isotopes, then there will be inconsistencies in the sign of the δ i E X value, where, in some cases, a positive value will refl ect a relative enrichment in the heavy isotope, and in others, a depletion. Given the fact that some nucleosynthetic processes produce values of R (as defi ned in Fig. 2 ) that approach unity with increasing atomic number (Fig.  2) , we suggest that the isotope community should abandon the practice of rare over major in defi ning R for new isotopic systems at the intermediate-to heavy-mass range, because as R approaches unity, the simplifi cations of mixing and other equations become less accurate, regardless of defi ning isotopic ratios as rare over major or major over rare. Instead, defi ning R for new isotopic systems as heavy over light is probably preferred, because this will maintain the same convention used in traditional stable isotope systems, where a positive δ i E X value 6 indicates a relative enrichment in the heavy isotope relative to a standard (or, more precisely, an enrichment in the heavy/light isotopic ratio, as discussed above), and a negative δ i E X value indicates a relative depletion in the heavy isotope. The heavy over light convention is followed in this volume.
ISOTOPIC FRACTIONATIONS
As discussed by O'Neil (1986b) , and also in Chapter 3 of this volume (Schauble 2004) , isotopic fractionations between species or phases depend on a number factors, including relative mass difference, the nature of the bonding environment, and redox state. Ignoring issues related to bonding and redox state, we generally expect that the range in isotopic variations will decrease with increasing atomic number (Z) because the relative mass difference also decreases (Fig. 3) , generally following the relation of 1/Z. The relatively large mass differences for the traditional stable isotopes such as H, C, O, and S, ranging from 66.7% for H to 3.0% for S (calculated as ∆m/; Fig. 3 ), are in part responsible for the large ranges in isotopic ratios that have been measured in natural samples for these elements, from 10's to 100's of per mil (‰). As reviewed in Chapter 5 (Tomascak 2004) , of the elements discussed in this volume, Li shows the greatest range in isotopic composition, commensurate with its low mass, high relative mass difference, and bonding environment (Fig. 3) . Despite relatively small mass differences on the order of ~1%, however, signifi cant isotopic variations are seen up through Mo (Chapter 12), and, in fact, are seen for heavier elements such as Hg (Z = 80; Jackson 2001) and Tl (Z = 81; Rehkämper et al. 2002) , indicating that new isotopic systems are likely to be developed across the Periodic Table as , which simplify mixing relations in terms of δ plots. In the case of elements that have been extensively studied for their isotopic variations, such as H, C, O, and S, i/j is heavy over light, leading to the traditional convention that a high δ value refl ects a relative enrichment of the heavy isotope. The convention i/j does not remain consistently heavy over light for a number of nontraditional stable isotopes, including those discussed here.
heavy elements where the relative mass differences are only a few tenths of a percent.
The relatively small mass differences for most of the elements discussed in this volume requires very high-precision analytical methods, and these are reviewed in Chapter 4 by Albarède and Beard (2004) , where it is shown that precisions of 0.05 to 0.2 per mil (‰) are attainable for many isotopic systems. Isotopic analysis may be done using a variety of mass spectrometers, including so-called gas source and solid source mass spectrometers (also referred to as isotope ratio and thermal ionization mass spectrometers, respectively), and, importantly, MC-ICP-MS. Future advancements in instrumentation will include improvement in in situ isotopic analyses using ion microprobes (secondary ion mass spectrometry). Even a small increase in precision is likely to be critical for isotopic analysis of the intermediate-to high-mass elements where, for example, an increase in precision from 0.2 to 0.05‰ could result in an increase in signal to noise ratio from 10 to 40.
The isotope fractionation factor and mass-dependency of fractionation
Following standard practice (e.g., O'Neil 1986a), the isotopic fractionation factor between two substances A and B is defi ned as: 
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Figure 3. Relative mass differences for elements that have two or more isotopes, cast as ∆m/, where ∆m is the unit mass difference (∆m = 1), and  is the average mass of the isotopes of that element, as a function of atomic number (Z). Note that ∆m/ is reported in percent, and is plotted on a log scale. Elements that are discussed in this volume shown in large black squares. Other elements that have been the major focus of isotopic studies shown in gray diamonds, and include H, C, O, and S. The relatively large mass differences for the light elements generally produce the largest isotopic fractionations, whereas the magnitude of isotopic fractionation is expected to markedly decrease with increasing mass.
Note that α A-B simply refl ects the contrast in isotopic compositions between two substances and, in terms of physical processes, could refl ect equilibrium or non-equilibrium partitioning of isotopes. For an isotope exchange reaction in which one atom is exchanged, α A-B is equal to the equilibrium constant. Because α A-B is very close to unity, generally on the order of 1.00X, we may take advantage of the relation that 10 3 ln(1.00X) ≈ X, which provides the useful relation:
This allows us to describe isotopic fractionations by simply subtracting the δ i E values of substances A and B (carefully keeping the order of subtraction consistent). Assuming a fractionation of 10‰ (α A-B = 1.010), an error of only 0.05‰ is introduced if the fractionation is described using ∆ A-B as compared to α A-B , which will be immaterial for most of the elements discussed in this volume, unless the fractionations are very large (several tens of per mil or greater).
Isotopic fractionations are sometimes discussed using the ε notation, and this has been most commonly used to describe kinetic isotope effects. This usage is common in the S isotope literature (e.g., Canfi eld 2001), and is also used in Chapter 9 (Johnson and Bullen 2004) . The fractionation between reactant A and product B is defi ned as:
ε A-B therefore has units of per mil.
For elements that have three or more isotopes, isotopic fractionations may be defi ned using two or more isotopic ratios. Assuming that isotopic fractionation occurs through a mass-dependent process, the extent of fractionation will be a function of the relative mass differences of the two isotope ratios. For example, assuming a simple harmonic oscillator for molecular motion, the isotopic fractionation of R i/j may be related to R k/j as:
where
and m refers to the masses of the individual isotopes i, j, and k (e.g., Criss 1999). We illustrate this mass-dependent relation for Mg in Figure 4 , where Equation (8) 
Over small ranges in isotopic composition, Equation (8) may be approximated by the linear form:
where i, j, and k are integer masses. In the case of Mg, this relation would be:
Equations (8) and (10) are applicable to stable isotope systems where isotopic fractionation occurs through mass-dependent processes which comprise the majority of cases described in this volume. These relations may also be used to identify mass-independent fractionation processes, as discussed in Chapter 2 (Birck 2004 ). Mass-dependent fractionation laws other than those given above distinguish equilibrium from kinetic fractionation effects, and these are discussed in detail in Chapters 3 and 6 (Schauble 2004; Young and Galy 2004) . Note that distinction between different mass-dependent fractionation laws will generally require very high-precision isotopic analyses, depending on the range in isotopic compositions that are produced (Chapters 4 and 6).
The choices for defi ning δ i E values for new isotope systems that contain multiple isotopes will be largely determined by consideration of the analytical precision. For example, Ca isotope ratios might be reported using the extreme end members Mg fractionations for mass-dependent processes. In practice, however, both ratios are commonly measured to provide insight into different massdependent processes, as well as monitor possible anomalies in 26 Mg abundances due to decay of 26 Al, which may be an issue for extraterrestrial samples; these issues are discussed in detail in Chapters 2 and 6 (Birck 2004; Young and Galy 2004) .
Predicted and measured isotopic variations
The general "rules of thumb" for isotopic fractionations discussed in Chapter 3 (Schauble 2004) , including bonding, redox state, and relative mass differences, lay out broad expectations for the extent of isotopic fractionations that may be observed in new isotopic systems. Several examples of isotopic fractionations for various elements are illustrated in Figure 5 . Commensurate with its large relative mass difference, 18 O/ 16 O fractionations may be quite large at low temperatures, exceeding, for example 20‰ for CaCO 3 -H 2 O fractionations at 50°C (Fig. 5) . Although isotopic fractionations are relatively large at low temperatures Fe fractionations for the systems FeCl 2 -KCl, Cr(VI) aq -Cr(III) aq , and FeS 2 -Fe(II) aq , respectively, range from 1 to 5‰ at 100°C (Fig. 5; Schauble 2004) . Although these isotopic fractionations are signifi cantly smaller than those found for H, C, O, and S, they are still signifi cant relative to current state-of-the-art analytical precisions (Chapter 4; Albarède and Beard 2004 ).
In Figure 6 we summarize the range in isotopic compositions measured for natural terrestrial samples for the elements discussed in this volume (Li, Cl, Ca, Cr, Fe, Cu, Zn, Se, and Mo). As discussed in Chapter 2, as well as in several subsequent chapters, the range in isotopic compositions for many of these elements is extended considerably if extraterrestrial samples are included. The very large relative mass difference of 15% for 6 Li and 7 Li has produced a very large range in isotopic compositions in nature of ~75‰ (Fig. 6 ). As reviewed in Chapter 6 (Tomascak 2004 ) the largest Li isotope fractionation is produced in relatively lowtemperature environments, including seafl oor weathering and marine hydrothermal systems. Most igneous rocks have relatively homogenous δ 7 Li values, unlike other light isotopes such as those of oxygen, suggesting that larger fractionations are associated with covalently bonded O in silicates as compared to the ionic bonds that characterize Li. The isotopes of Mg have one-third of the relative mass difference of Li, but, so far, the range in δ
26
Mg values are proportionally much smaller than suggested by the contrast in relative mass differences of the two elements (Fig. 6 ). δ
26 Mg values for Mg-bearing carbonates appear to vary by ~2‰, but little is yet known about Mg isotope fractionations at low temperatures. Because Mg is a light element which has two of its three isotopes that are similar in abundance, it is ideally suited to investigation of different mass-dependent fractionation mechanisms that may operate in nature, and Young and Galy (2004) discuss this in detail in Chapter 6. Chlorine isotope compositions vary by up to 15‰ (Chapter 7; Stewart and Spivack 2004) . These large variations in Cl isotope compositions are found in marine environments, including mid-ocean ridge basalts, seafl oor and hydrothermal alteration products, and sedimentary pore (Fig. 3) Ca ratios, and this appears to systematically decrease up the food chain. These observations highlight the potential for using Ca isotopes to trace biological processing of Ca in higher-order animals.
The isotope geochemistry of two redox-sensitive elements, Cr and Se, are compared in Chapter 9 by Johnson and Bullen (2004) . Because Cr(VI) is quite soluble in natural waters, and is highly toxic, the signifi cant fractionation in 53 Cr/ 52 Cr ratios that occurs during redox cycling of Cr is likely to fi nd wide application in environmental geochemistry. Production of high δ
53
Cr values for aqueous Cr seems likely to be a fi ngerprint for chromium reduction in natural systems. Selenium commonly occurs in three oxidation states in near-surface natural environments, Se(0), Se(IV), and Se(VI), and thus it is not surprising that signifi cant isotopic fractionations are observed during redox cycling. The largest Se isotope fractionations appear to occur during reduction of Se(VI) and Se(IV) oxyanions, and this may occur through microbial activity, or through abiotic reduction.
Iron isotope geochemistry is reviewed in Chapter 10A Mo values for euxinic sediments in turn are distinct from those of Fe-Mn crusts, highlighting the isotopic contrasts between major repositories of Mo in surface and near-surface environments. As discussed by Anbar (2004) in Chapter 12, a major focus of research on Mo isotopes has been the potential use as a paleoredox indicator in marine systems.
Processes that may produce isotopically distinct reservoirs
We briefl y review processes in which isotopic fractionations may be recorded in isotopically distinct reservoirs that are preserved in nature. These concepts have been extensively covered in the H, C, O, and S isotope literature, and we illustrate several examples for the non-traditional stable isotope systems discussed in this volume. One of the simplest processes that produces isotopically distinct reservoirs would be slow reaction of substance A to B, where A and B remain open to complete isotopic exchange during the process. This is commonly referred to as closed system equilibrium, and the changes in isotopic compositions that occur may be defi ned by the exact relation:
where α B-A is the B-A fractionation factor, δ i E SYS is the δ i E value for the total system, and f is the fraction of A remaining (f = 1 when the system is entirely A) (Eqn. 3.19, p. 105, Criss 1999) . Note that Equation (12) is simpler if cast in terms of α B-A rather than α A-B , as was defi ned in Equation (4) above. If α B-A is close to unity, Equation (12) may be simplifi ed to: (Criss 1999) , which may be further simplifi ed to:
using the approximation ∆ B-A ≈ (α B-A − 1) × 10 3 (note that this is equivalent to ε B-A , following Eqn. 7 above). Following these simplifi cations, the corresponding δ i E A value, at a given f, is: (Criss 1999) . Equations (14) and (15) (Fig. 7) . For example, in a system that is initially composed only of A and has an initial δ i E value of zero, where 10 3 lnα B-A ≈ ∆ B-A = −1.5‰, the fi rst fraction of B to form will have δ i E B = −1.5‰ (Fig. 7) . As the reaction proceeds, the shifting mass balance of phases A and B will require shifts in their δ i E values while maintaining a constant isotopic fractionation between A and B (Fig. 7) . When the reaction is (Fig. 7) . The importance of this illustration is that in cases where reactions go to completion, if there is no addition or loss of element E from the system, there will be no net change in isotopic composition, even if α B-A is signifi cantly different than unity. Although data that fall along linear δ i E − f trends are likely to be indicative of isotopic equilibrium, there are cases where incremental (Rayleigh) fractionation may occur under kinetic conditions that may be mistaken for closed-system equilibrium (e.g., p. 154-157, Criss 1999), requiring other approaches to establishing isotopic equilibrium such as use of enriched isotope tracers.
In the case of reactions where the products do not continue to exchange with other phases in the system, as might be the case during precipitation of a mineral from solution, Rayleigh fractionation may best describe the changes in δ The products of Rayleigh fractionation are effectively isolated from isotopic exchange with the rest of the system immediately upon formation. If the process occurs slowly, such that each increment of product B forms in isotopic equilibrium with the reactant A prior to isolation of B from the system, then α B-A would be an equilibrium isotope fractionation factor. However, if the process of formation of B is rapid, incremental formation of B may be out of isotopic equilibrium with A. In this case, α B-A would be a kinetic isotope fractionation factor, which may be a function of reaction rates or other system-specifi c conditions.
Because the product in Rayleigh fractionation is progressively isolated, large changes in δ i E values in the remaining components may occur (Fig. 7) . A common process by which this occurs would be condensation or precipitation. Assuming that α B-A is constant, the differences in the instantaneous δ i E values for A and incremental formation of B will be constant (Fig. 7) . However, in practice, the isotopic composition of the total condensed or solid phase after a given extent of reaction is of interest, and the changes in δ i E values for the total phase B are more modest than for the incremental portions of B (Fig. 7) . Because the δ i E values of the remaining reactant A change dramatically toward the end of the reaction, the apparent value of ∆ B-A between A and the total condensed or solid phase deviates strongly from the fractionation factor as the reaction proceeds, and this is a key feature of Rayleigh fractionation (Fig. 7) . As can be seen in Figure 7 , the difference in the measured δ i E values for A and total B most closely match that of the true fractionation factor at the beginning of the reaction, where the measured isotopic contrast is insensitive to the specifi c mechanism (e.g., closed-system equilibrium or Rayleigh) by which A and B are physically separated (Fig. 7) .
Adsorption of Mo to Mn oxyhydroxides produces an isotopic fractionation that appears to follow that of a closed-system equilibrium model as a function of the fraction of Mo adsorbed (Fig. 8) . Barling and Anbar (2004) 2− species) were linearly correlated with the fraction (f) of Mo adsorbed (Fig. 8) , following the form of Equation (14) Mo/ 95 Mo, and this was confi rmed through isotopic analysis of three solution-solid pairs (Fig. 8) . The data clearly do not lie along a Rayleigh fractionation trend (Fig. 8) (Fig. 9) . The δ 53 Cr-f trends are not consistent with the linear trends expected for a closed-system equilibrium model. In the Cr(VI) reduction experiments of Ellis et al. (2002) , the fractionation factor, α Cr(VI)-Cr(III) , derived from the data is interpreted to refl ect kinetic isotope fractionation, although it is important to note that not all Rayleigh processes are associated with kinetic isotope fractionation.
DETERMINATION OF ISOTOPIC FRACTIONATION FACTORS
Isotopic fractionation factors may be calculated based on theory (e.g., Urey 1947; Bigeleisen and Mayer 1947) , and the various approaches used for such calculations are discussed in detail in Chapter 3 (Schauble 2004) . Calculated fractionation factors are extremely important for new isotope systems because they constrain the isotopic fractionations that may be anticipated in nature, and, in some cases, provide the only means for constraining fractionation factors for systems that are inaccessible to experiments. Isotopic fractionation factors may also be inferred from natural assemblages (e.g., Bottinga and Javoy 1975) , although issues of attainment of isotopic equilibrium or differential exchange upon cooling remain in many cases (e.g., Giletti 1986; Eiler et al. 1992; Kohn and Valley 1998) . Ultimately, however, experimental verifi cation of calculated fractionation factors is desirable. In their compilation of experimentally determined isotope fractionation factors for H, C, and O isotopes, Chacko et al. (2001) summarize measurements for 306 systems, many of which involved several independent studies. We are far from reaching this level of experimental calibration of isotope fractionation factors for the new isotopic systems discussed in this volume, and expanding the database of isotope fractionation factors remains a high priority for the isotope community. The majority of experimental studies of isotope fractionation have involved fl uid-mineral pairs, refl ecting the common means by which minerals form, particularly in low-temperature environments. In fl uid-mineral systems, isotopic exchange is limited by the exchange properties of the solid phase, where the mechanisms of exchange may include replacement, recrystallization, Oswald ripening, surface diffusion, volume diffusion, grain boundary diffusion, and dislocation/lattice diffusion (e.g., Cole and Chakraborty 2001) . Attainment of isotopic equilibrium in fl uid-mineral systems is often diffi cult in experimental systems, especially at low temperatures, where the rates of diffusion are very low. Determination of equilibrium isotopic partitioning is of particular interest because equilibrium fractionation factors provide insights into bonding environments and other physico-chemical properties of the species of interest and equilibrium isotope fractionation factors are independent of kinetic issues or pathways of formation.
Fluid-mineral fractionation factors
In addition to providing the means for calculating the isotopic compositions of ancient fl uids based on analysis of minerals, mineral-fl uid isotope fractionation factors provide an opportunity to combine fractionation factors when there is a common substance such as water. A fundamental strategy for compiling databases for isotopic fractionation factors is to reference such factors to a common substance (e.g., Friedman and O'Neil 1977) . For example, the quartz-water fractionation factor may be combined with the calcite-water fractionation factor to obtain the quartz-calcite fractionation factor at some temperature. It is now recognized, however, that the isotopic activity ratio of water in a number of experimental determinations of 18 O/ 16 O mineral-fl uid fractionation factors has been variable, in part due to dissolution of mineral components at elevated temperature and pressure. The infl uence of solute composition on mineral-fl uid fractionation factors may be quite signifi cant, and this effect has been termed the isotope salt effect (e.g., O'Neil and Truesdell 1991; Horita et al. 1993a,b; Hu and Clayton 2003) . Using substances other than water as the exchange medium is one approach to addressing this issue. Carbonate (Clayton et al. 1989), CO 2 (O'Neil and Epstein 1966; Mattey et al. 1990; Matthews et al. 1994; Fayek and Kyser 2002) , and H 2 (Vennemann and O'Neil 1996) O fractionation factors for minerals of wide geologic interest, it is generally accepted that use of carbonate as the exchange medium offers a superior reference compared to water (e.g., Clayton et al. 1989; Chacko et al. 1996; Hu and Clayton 2003) . Alternatively, mineral-mineral fractionation factors may be obtained in three-phase systems that contain two minerals and water, where the isotopic effect of dissolved components in the fl uid cancels out (Hu and Clayton 2003) . As new isotopic systems are developed, it seems likely that a variety of reference exchange media will be required, depending on the element, as databases of fractionation factors are developed.
The signifi cant effects on 18 O/
16
O fractionations due to dissolved components in mineral-water systems, up to 2‰ in high-temperature experiments, highlight the importance of speciation and activity in experimental systems in terms of their effects on isotopic fractionation factors. Thermodynamic data bases (e.g., Johnson et al. 1992; Shock et al. 1997; Sverjenski et al. 1997; Holland and Powell 1998) demonstrate that for all of the elements discussed in this volume, as well as many others, speciation in aqueous solutions may be highly variable, suggesting that the isotope salt effects that have been observed for oxygen in mineral-water systems are likely to be much greater for metals and halogens in mineralfl uid systems; indeed, calculated isotopic fractionation factors are, in general, highly variable among various aqueous species for metals and halogens, as reviewed in Chapter 3 (Schauble 2004) . As the experimental databases for isotopic fractionation factors expand for the nontraditional stable isotope systems, the choices of exchange media for determining isotopic fractionation factors will be critical, as will consideration of the exact species involved.
Evaluating approach toward isotopic equilibrium in experiments
In this last section, we briefl y review some of the methods that have been used to evaluate isotopic exchange in experiments, highlighting approaches used in well-studied systems such as oxygen, and note some new applications in the non-traditional stable isotopes. One classic method for determining equilibrium fractionation factors is to approach isotopic equilibrium from both sides (O'Neil 1986b) . Alternatively, assessment of isotopic equilibrium may be done using the three isotope method (Matsuhisa et al. 1978 (Matsuhisa et al. , 1979 Matthews et al. 1983a,b) . This approach involves starting materials that lie on two separate, but parallel, mass-dependent fractionation lines, where movement toward isotopic equilibrium will move the phases onto a new mass-dependent fractionation line at an intermediate position in a ratio-ratio diagram (Fig. 10) O ratios may be chosen to be far from equilibrium, providing a sensitive measure of the approach to isotopic equilibrium (Fig. 10) . The three isotope method remains one of the most elegant and rigorous means for constraining the approach toward isotopic equilibrium, and is ideally suited for isotope systems where two isotope ratios may be determined independently.
In principle, the three isotope method may be widely applied to new isotope systems such as Mg, Ca, Cr, Fe, Zn, Se, and Mo. Unlike isotopic analysis of purifi ed oxygen, however, isotopic analysis of metals that have been separated from complex matrices commonly involves measurement of several isotopic ratios to monitor potential isobars, evaluate the internal consistency of the data through comparison with mass-dependent fractionation relations (e.g., Eqn. 8 above), or use in double-spike corrections for instrumental mass bias (Chapter 4; Albarède and Beard 2004) . For experimental data that refl ect partial isotopic exchange, their isotopic compositions will not lie along a mass-dependent fractionation line, but will instead lie along a line at high angle to a mass-dependent relation (Fig. 10) , which will limit the use of multiple isotopic ratios for isobar corrections, data quality checks, and double-spike corrections.
An alternative to the three isotope method is to use an enriched isotope tracer in experiments that are run in parallel to those involving "normal" isotope compositions under identical run conditions. Use of enriched isotope tracers to evaluate the kinetics of isotopic exchange has a long history (e.g., Mills and Urey 1940) . The extent of exchange toward isotopic equilibrium may be defi ned as:
where δ i E I and δ i E E are the initial and equilibrium isotopic compositions, respectively, and δ i E is the isotopic composition observed at any time of interest (e.g., Criss et al. 1987) . The fraction of isotopic exchange (F) varies from 0 to 1 as isotopic equilibrium is approached. Inspection of Equation (18) shows that F may be calculated with great sensitivity if enriched isotope tracers are used because the differences in the δ values will be large. Moreover, calculation of F using enriched isotope tracers will be relatively insensitive to the fi nal equilibrium fractionation factor, which may be unknown at the start of an experiment. Calculation of F using Equation (18) is valid for ranges in δ i E values up to a few hundred per mil. For more extreme isotopic enrichments, F must be calculated using the atomic abundances and molecular weights of the two components:
where W N and W S are the molecular weights of the normal and isotopically enriched element, respectively, X i S and X j S are the atomic abundances of isotopes i and j in the isotopically enriched "spike", respectively, and X i N , and X j N are the atomic abundances of isotopes i and j for the isotopically "normal" component, respectively. Equation (19) may be derived from standard two-component mixing relations (e.g., Albarède 1995) .
Substituting F into a general rate equation produces: Figure 10 . Three isotope method for assessing attainment of isotopic equilibrium for O isotope exchange experiments, based on the approach taken by Matthews et al. (1983a,b The lower heavy dashed line represents a fl uid that lies below the terrestrial fractionation line that was obtained through mixing of two highly disparate isotope compositions (MEOW II water developed at the University of Chicago). Movement of the two phases toward isotopic equilibrium will be occur in the directions of the arrows; assuming equal proportions of oxygen in the fl uid and mineral phases, isotopic equilibrium will be marked by data that lie in the middle (thin solid line), where the fi nal isotopic compositions of fl uid and mineral are separated by the equilibrium fractionation factor. Partial exchange will produce isotopic compositions (diamonds) that do not lie along a mass-dependent fractionation line, where mineral-fl uid pairs will defi ne a line (dashed thin line) that lies at a high angle to a mass-dependent line.
where k is the rate constant, and n is the order of the reaction, generally an integer from 0 to 3. Although most isotope exchange reactions appear to follow a fi rst-order rate law (n = 1) (e.g., Criss et al. 1987; Chacko et al. 2001) , isotopic exchange may also follow a second-order rate law (e.g., Graham 1981; Johnson et al. 2002) . Integration of equation 20 for fi rst-and secondorder rate laws (n = 1 and 2) yields the following linear forms:
An example using enriched isotope tracers to study the kinetics of isotopic exchange is shown in Figure 11, , Fe isotope equilibrium is rapidly attained, where 95% isotopic equilibrium is established within ~60 seconds at 22°C (Fig. 11) , or within ~5 minutes at 0°C, where isotopic exchange occurs via a second-order rate law. Despite the rapid exchange kinetics, the ferric Fe species was separated essentially instantaneously, effectively "freezing in" the isotopic composition of hexaquo Fe(III) and Fe(II), with minimal isotopic re-equilibration (~10-20%) during species separation Welch et al. 2003) . If the timescale of species separation was on the order of that required for isotopic equilibrium between aqueous species, the measured isotopic compositions of the separated components would not preserve the instantaneous compositions in solution. For the range in isotopic compositions shown in Figure 11 , calculation of F for the rate equations using Equation (18) produces an error of less than 0.005 relative to that calculated using Equation (19), which is insignifi cant.
Although closed-system isotopic equilibrium often may be attained among aqueous species at low temperatures on reasonable timescales (Fig. 11) , it is much more diffi cult to reach isotopic equilibrium in fl uid-mineral systems at low temperatures (a few hundred degrees or less). Solid-state diffusion rates at low temperatures are far too slow to allow isotopic equilibrium to be established through diffusion alone, and instead can only occur in low-temperature experiments through recrystallization (e.g., O'Neil 1986b; Chacko et al. 2001; Cole and Chakraborty 2001) . Alternatively, estimates of mineral-fl uid isotope fractionation factors via direct mineral synthesis through slow precipitation is an approach many workers have taken, particularly for carbonates and oxides (e.g., O'Neil et al. 1969; Tarutani et al. 1969; Yapp 1987 Yapp , 1990 Carothers et al. 1988; Kim and O'Neil 1997; Bao and Koch 1999) . It is, however, recognized that the high activation energies that are associated with Fe ratios for the ferric and ferrous species indicates that isotopic equilibrium is attained within minutes. Adapted from Welch et al. (2003) . nucleation and crystal growth at low temperatures may be problematic in terms of estimating equilibrium isotope fractionation factors (Chacko et al. 2001) , and these factors are a likely reason for the very wide range in isotope fractionation factors that have been measured in low-temperature experiments. For example, at room temperature, there is a 16‰ range in the experimentally determined 18 O/ 16 O fractionation factor for the magnetite-water pair (O'Neil and Clayton 1964; Becker and Clayton 1976; Blattner et al. 1983; Rowe et al. 1994; Zhang et al. 1997; Mandernack et al. 1999 ) and a 11‰ range for the hematite-water and goethite-water pairs (Clayton and Epstein 1961; Clayton 1963; Yapp 1987 Yapp , 1990 Müller 1995; Bao and Koch 1999) . The rate of precipitation of minerals from solution has long been known to infl uence isotopic fractionations for the light stable isotopes (e.g., Turner 1982; McConnaughey 1989; Romanek et al. 1992; Kim and O'Neil 1997) , and point to the importance of kinetic effects during mineral synthesis or precipitation approaches to determining isotopic fractionation factors.
Recrystallization of minerals or precursor phases may promote isotopic exchange with a fl uid (e.g., O'Neil and Taylor 1967; Matthews et al. 1983a,b; Bao and Koch 1999) , and will often move minerals closer to isotopic equilibrium. Qualitative evidence for dissolution/reprecipitation in experimental runs is often found in SEM or TEM images, but such images do not quantify the amount of an element that has passed through the aqueous and solid phases during dissolution/re-precipitation. Ion-microprobe analysis may identify dissolution and reprecipitation and may allow determination of isotope fractionation factors for systems that have only partially exchanged (e.g., Fortier et al. 1995) . Another approach to quantifying the extent of dissolution and re-precipitation is through use of enriched isotopic tracers that are added following initial mineral formation in synthesis experiments. An example of this approach is shown in Figure 12 , where an 57 Fe-enriched tracer was used to calculate the degree of dissolution and re-precipitation in the system [Fe III (H 2 O) 6 ] 3+ -Fe 2 O 3 . This system was in approximate chemical equilibrium based on the observation that little change in aqueous Fe(III) contents occurred, demonstrating that the temporal changes in Fe isotope compositions refl ect isotopic exchange during dissolution and re-precipitation where their relative rates were in balance; if such rates were slow, they should approach equilibrium conditions in terms of isotopic fractionation.
CONCLUSIONS
The principles of isotopic fractionation apply to all elements, and the methodologies that have been developed for the traditional isotopic systems such as H, C, O, and S are completely applicable to "new" isotopic systems, such as those discussed in this volume. Issues of nomenclature and standards will continue to be important as additional isotopic systems are explored, requiring the worker interested in these systems to be aware of differences among various studies that have yet to sort themselves out. Advances in theory and analytical methods promise to add many more isotopic systems to the fi eld of stable isotope geochemistry than those reviewed in this volume. In addition to determining the ranges in isotopic compositions that may exist in natural systems, equal effort must be applied to experimental determination of isotope fractionation factors in carefully designed and implemented experimental studies, drawing upon the lessons that have been learned from several decades of study in the traditional stable isotope systems.
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